[1] Eleven cloud cases through marine stratus, obtained during two field experiments in the North Atlantic Ocean, are used to study the sensitivity of cloud droplet nucleation to the vertical gust velocity. Selected cloud microphysical data, size-distributed aerosol properties and particle chemistry are applied in an adiabatic parcel model. The nucleated cloud droplet number concentrations (N) predicted using the probability density function (PDF) of the measured in-cloud vertical velocities are compared to predictions using a characteristic velocity value. In this study, the model-predicted N from the PDF of the measured in-cloud vertical velocities agrees with the observed maximum N (N max ) to within 8.6%. The average N (N avg ) can be related to N max using a power law (Leaitch et al., 1996) . If a relationship between N max and N avg based on the measurements is applied to obtain the average N from the model-predicted N, then the model-predicted average N agrees with the observed average N to within 13.3%. When a characteristic vertical velocity (0.8 times the standard deviation of the vertical velocity distribution in this study) is used in the parcel model to simulate N, the model-predicted N agrees with the observed maximum N to within 5.7% and the model-predicted average N agrees with the observed average N within 8.8%. This indicates that using a characteristic value of the vertical velocity distribution instead of its PDF is a good approximation for simulating the nucleated cloud droplet number of marine stratus on a cloud scale.
Introduction
[2] An increase in the cloud droplet number concentration (N) due to anthropogenic emission of aerosol particles and their precursors can enhance the cloud reflectivity and prolong the lifetime of the cloud by reducing precipitation [e.g., Lohmann et al., 2000; Peng et al., 2002] . This, the indirect effect of the atmospheric aerosol, is a major uncertainty in the balance of radiative forcing of the atmosphere by chemical constituents [Houghton et al., 2001] . The prediction of N in a general circulation model (GCM) with appropriate accuracy is an important factor in assessing the indirect effect of aerosols on the global climate [Boucher and Lohmann, 1995] . Cloud droplets are formed by the activation of aerosol particles in clouds, and are lost by evaporation, collision/coalescence and accretion by rain drops and snow flakes. A prognostic equation that includes these microphysical processes is applied in some climate models [Lohmann et al., 1999; Ghan et al., 1997] to calculate the grid mean N.
[3] The aerosol activation process to form cloud droplets on inorganic aerosols is theoretically well understood [Pruppacher and Klett, 1997; Seinfeld and Pandis, 1998 ]. Squires and Twomey [1960] developed the first parameterization of aerosol activation assuming the activated particle number depends on the supersaturation following a power law. This has later been modified by Cohard et al. [1998] in terms of parameters of the lognormally distributed cloud nuclei number concentration, since measured aerosol size distributions are more realistically represented by multiple lognormal spectra [Whitby, 1978] .
[4] Twomey's parameterization was further improved when Ghan et al. [1993 Ghan et al. [ , 1995 developed a parameterization of the number concentration of droplets nucleated in a cloud as a function of vertical velocity, aerosol number concentration, aerosol composition, mode radius and the standard deviation of the aerosol size distribution. In this parameterization, the size of aerosol particles is expressed as a function of their critical supersaturations based on Köhler theory, assuming each particle is instantaneously in equilibrium with its environment (equilibrium approximation). The growth equation of particles is combined with the rate of change of the supersaturation, which is induced by the uplifting air parcel and depleted by the condensation of water vapor on activated particles and their subsequent growth. The maximum supersaturation at which the maxi-mum number of particles is activated can be derived assuming aerosol particles are lognormally distributed, as generally obtained from observations. Abdul-Razzak et al. [1998] and Abdul-Razzak and Ghan [2000 Ghan [ , 2002 extended this method to the case of multiple aerosol types (which can be internally or externally mixed or be a combination of both) and to a sectional representation of the aerosol size distribution which can readily be applied in a large-scale model. These parameterized results are compared with simulations using a detailed computational model for a rising air parcel. Good consistencies are shown for a large variety of parameters.
[5] A shortcoming with the parameterization developed by Ghan et al. [1993 Ghan et al. [ , 1995 is the equilibrium approximation. With this assumption the size of particles is described in relation to their critical supersaturation. This ignores the kinetic delay of growth of particles to reach the equilibrium size. The neglect of this kinetic effect (kinetic limitation) of droplet growth tends to underestimate N because it overestimates the size and water uptake by large particles and inhibits possible growth of small particles to form cloud droplets.
[6] Phinney et al. [2003] compared N predicted using Ghan's parameterization which neglects kinetic effects [Abdul-Razzak and Ghan, 2000] and N simulated with a parcel model. The parcel model explicitly solves the growth rate of the size of particles and thus accounts for the time required for reaching the equilibrium size (kinetic effect). Their results indicate that the kinetic effect is of significant importance for conditions of low updraft velocities (<0.5 m s
À1
) and high aerosol number concentrations (>500 cm
À3
). Marine stratus clouds typically have characteristic vertical velocities between 0.1 and 0.6 m s À1 . Thus parcel models not constrained by the equilibrium assumption may be better suited for describing the droplet activation compared to those which ignore the kinetic effect [e.g., Abdul-Razzak and Ghan, 2000] .
[7] The simple form of the parameterization of aerosol activation derived by Ghan et al. [1993] has been used in previous GCM studies [e.g., Ghan et al., 1997; Lohmann et al., 1999] . It can be integrated over the probability density distribution of vertical velocities in a GCM grid cell in an attempt to account for the subgrid-scale variability in vertical velocity. Lin and Leaitch [1997] examined Ghan's parameterization against observations and found that it might only be appropriate to estimate N in the updraft where the cloud water content can be assumed to be adiabatic. They also derived an empirical relationship between the maximum N (N max ) and the averaged N (N avg ) from the observational data taken over the Bay of Fundy and the Gulf of Maine to obtain N avg from N max of marine stratus clouds.
[8] The grid size in a GCM is much larger than the scale of the turbulent and mesoscale processes that produce small-scale fluctuation of vertical velocities (i.e., cloud scale). Thus N calculated only from the grid mean vertical velocity in the GCM is a simplification in which the subgrid-scale variability of vertical velocity is ignored. Observational evidence shows that the variation of vertical motions is strongly related to the nucleated number of cloud droplets.
To represent the fluctuation of in-cloud vertical motions within a grid cell, Ghan et al. [1997] and Chuang et al. [1997] used a probability density function (p(w), cf. Figure 4 of this paper) of normally distributed vertical velocities parameterized in terms of the grid cell mean and the subgrid-scale variance of vertical velocity to obtain N within a grid box from the integral of p(w)N(w)dw. Alternatively, the turbulent kinetic energy (TKE) is used as a surrogate for the subgrid-scale variance of the vertical velocity [Lohmann et al., 1999] in the GCM.
[9] Snider et al.
[2003] discussed the discrepancy between parcel model simulated N integrated over the in-cloud vertical velocity distribution and observed N from cloud microphysical measurements obtained during the second Aerosol Characterization Experiment (ACE-2). The predicted N from Snider et al. [2003] is simulated using an adiabatic parcel model, initialized with a normalized vertical velocity probability density function and the measured cloud condensation nuclei (CCN) spectrum. Compared with the adiabatic N obtained from observations , the predicted N of five cloud cases generally agrees with observed adiabatic N within ±30%. The predicted N is insensitive to the bias of the observed CCN spectrum due to the measurement uncertainties. However, if the measured CCN spectrum is replaced by observed aerosol physical and chemical properties to initialize the parcel model, the predicted N generally overestimates observed adiabatic N. Several possible explanations were analyzed by Snider et al. [2003] in terms of representations of size distribution and soluble fraction of aerosols, vertical velocities and the measured N, trying to find the reason for the larger discrepancy in N when measured aerosol properties replaced the CCN information as the model input. However, none of these factors is individually responsible for the overall overestimation of N. One possible contributing factor could be the existence of particles covered by substances which limit the rate of condensational growth. This would challenge the traditional theory for calculating N at the maximum supersaturation [Feingold and Chuang, 2002] .
[10] In this paper, observed N from a number of cloud cases is compared with the parcel model simulated N, using one characteristic vertical velocity, or using the probability density distribution of the vertical velocity similar to the approach applied by Snider et al. [2003] . The aim is to investigate the importance of vertical velocity variation in the cloud droplet nucleation process and to justify current methods to represent the fluctuation of vertical velocity in the parameterization of N in GCMs. Microphysical data of marine stratus clouds are obtained during the Radiation, Aerosol and Cloud Experiment (RACE) and the North Atlantic Regional Experiment (NARE). Both are described in section 2 followed by the parcel model description and the analysis of its input data in section 3. The comparison of simulated and observed N as well as the discussion of the sensitivity of N to different parameters are given in section 4, followed by conclusions in section 5.
Data Description
[11] The data discussed here were taken from RACE and NARE projects. RACE took place in fall 1995 off the coast of Nova Scotia, Canada [Li et al., 1998 ]. Two aircraft were used as the measurement platforms: the National Research Council of Canada (NRCC) Twin Otter and Convair 580. Aerosol and cloud microphysical and chemical data were measured on both aircraft [Peng et al., 2002; Li et al., 1998 ].
[12] During NARE the NRCC Twin Otter was used to conduct chemical and microphysical measurements of aerosols and clouds in marine stratus off the southern end of the Nova Scotia in the late summer of 1993 [Fehsenfeld et al., 1996; .
[13] Table 1 outlines the instrumentation during RACE and NARE. The vertical velocity (w) measurements were obtained from a 5-axes gust probe on the nose of the Twin Otter. The variation of in-cloud w (s w , i.e., the standard deviation of w distribution over the in-cloud region) is used to describe the turbulence in clouds. The uncertainty of the measured vertical velocity is ±0.05 m s À1 .
[14] In RACE, the total aerosol number concentration including Aitken mode aerosols (N a 3025, cf. Table 1 ) and the number concentration of the accumulation mode aerosols (N a ) were measured with a TSI3025 Ultrafine Condensation Particle Counter (UCPC) and a Particle Measuring System (PMS) Passive Cavity Aerosol Spectrometer Probe (PCASP), respectively, on the Twin Otter. N a was also measured with a PMS Active Scattering Aerosol Spectrometer Probe (ASASP) on the Convair 580 aircraft [Li et al., 1998 ]. Cloud liquid water content (LWC) was measured using a PMS King hot-wire probe on the Twin Otter and a Nevzorov liquid water probe on the Convair 580 aircraft. The cloud droplet number concentration (N) on both aircraft were obtained with PMS Forward Scattering Spectrometer Probe (FSSP) as described by Peng et al. [2002] . All of the above measurements were taken as 1-s averages for application in this study.
[15] Low-volume Teflon filters were used on both the Twin Otter and the Convair 580 aircraft to collect aerosol samples for analysis by ion chromatography (IC) to provide data on the inorganic chemical composition of aerosols in RACE. Some limited data on the water soluble organic composition were also obtained from the IC analysis . Measurements obtained from the filters on the Convair 580 are averaged over shorter time periods than the Twin Otter measurements and are better aligned with the microphysical measurements in and below clouds. Thus the filter data from the Convair 580 aircraft are used for the aerosol chemical composition where possible. Hereafter the 1-s averaged Twin Otter data are referred to as the TW 1-s data, and the Twin Otter measurements averaged over the filter sampling intervals are referred to as the TW filter data. The Convair 580 measurements are similarly identified as the CON 1-s and CON filter data.
Model Description and Analysis of Its Input Data

Parcel Model
[16] An adiabatic parcel model described by Leaitch et al. [1986] and used by Phinney et al. [2003] is applied in this study to simulate the nucleation of cloud droplets on aerosol particles with a prescribed updraft velocity. Assuming an air parcel ascending adiabatically (no entrainment or drizzle formation is taken into account in this parcel model) with a constant updraft velocity, the model calculates the supersaturation based on the diffusional growth equation following Pruppacher and Klett [1997] . Condensation of water vapor on droplets reduces the supersaturation and increases the cloud droplet size and cloud liquid water content. N is determined after the supersaturation is beyond its maximum value.
[17] The nucleation process in the parcel model is initiated from multiple aerosol distributions with a defined chemical composition in each size mode. A trimodal lognormal distribution was fitted to the aircraft measurements using different dried aerosol counters. The soluble and insoluble components of particles were estimated from the chemistry data. The rate of change of the solution particle radius is explicitly solved within each time interval in the parcel model. Thus a possible underestimation of N due to the neglect of the kinetic effect in the work by Abdul-Razzak and Ghan [2000] is avoided as discussed in the introduction and by Phinney et al. [2003] . A water condensation coefficient of 1.0 is used in this model as indicated by Leaitch et al. [1986] . The implications of this choice are discussed in section 4.2. Cloud droplets are defined as those particles with wet radii larger than 1 mm having a positive growth rate. The number of nucleated cloud droplets to be compared with the observed N is obtained at the maximum supersaturation, which in turn depends on the prescribed updraft velocity of the air parcel.
[18] Temperature and pressure of the air parcel below cloud base, required for the parcel model simulations, are obtained from observations. Observed relative humidity (RH) at cloud base is between 95% and 98% for all cloud cases in this study. We use a relative humidity of 98% yes n/a n/a n/a N a yes yes yes yes w yes n/a n/a n/a N yes n/a yes n/a n/a yes n/a yes N a size yes n/a yes yes NARE LWC yes n/a n/a n/a N a 3025 yes n/a n/a n/a N a yes yes n/a n/a w yes n/a n/a n/a N yes n/a n/a n/a n/a yes n/a n/a N a size yes n/a n/a n/a uniformly to initialize the parcel model, which allows sufficient time for particles to reach their equilibrium size before the air parcel becomes saturated. Phinney et al. [2003] showed that a variation of the initial RH between 95% and 99% results in an insignificant change in simulated N using the same parcel model.
RACE Data
[19] Five cloud segments (cloud cases 1 -3 from flight 13 and 4-5 from flight 18) during RACE are selected on the basis of the availability of a complete data set including cloud profile data, aerosol properties at cloud base and level flight in clouds for the vertical velocity. Data collected during an ascent and a following flat section in flight 13 are plotted in Figures 1 -3 to illustrate how the aircraft measurements are applied in the parcel model.
[20] Cloud case 1 is for the period from 11:39:00 to 12:09:00 UTC. Figure 1 shows that the Twin Otter and Convair 580 aircraft were well coordinated, penetrating and sampling the same cloud. Temperature and pressure (not shown) averaged over the cloud base layer are taken as the input for the parcel model. The profiles of LWC ( Figure 1c ) and N (Figure 1d ) define the in-cloud region and distinguish the cloud base for obtaining the necessary aerosol information at cloud base.
[21] On the basis of the profile of N shown in Figure 1d , the observed maximum N (taken as the 95th percentile of the observed N distribution to avoid possible instrumental error with extreme N values) is obtained (N max obs ). Additionally the averaged N (N avg obs ) over the cloud profile which accounts for the effect of entrainment and possible influence of drizzle formation is calculated for comparison with the parcel model simulated N.
[22] Figures 2a and 2b show the time series of w, ratio of measured LWC to adiabatic LWC (LWC adi , which is calculated depending on the temperature, pressure at each cloud height [Brenguier, 1991] as in the work by Peng et al. [2002] ), altitude and N of cloud case 1. The ascending leg starting at 11:42:00 UTC together with the level part until 11:54:00 UTC are the in-cloud region where N >10 cm À3 and the variability of w is relatively high (a more ''turbulent'' situation).
[23] Since the gust measurement is based on pressure difference, measurements during changes in altitude are difficult. Consequently, only w data taken during the level part of the flight track are valid. Probability density distributions (PDF) of w are plotted in Figures 2c and 2d . The histogram of w in Figure 2c is collected from the level flight track over the in-cloud region shown by the solid green line in Figure 2a . The w data in Figure 2d are from outside cloud after 11:54:00 UTC. The mean vertical gust velocity averaged over a sufficiently long flight segment should be zero. Thus the centers of both histograms are shifted to the origin. The deviation of the mean from zero is caused by systematic errors [e.g., Guibert et al., 2003] . The in-cloud region is characterized by a larger value of s w , indicating stronger turbulence comparing to the outside-cloud region.
[24] Mixing with the dry air at cloud edges may reduce N. To check if the deviation from adiabaticity influences the observed in-cloud quantities for this study, the variation of vertical velocities (s w ), N max obs and N avg obs are derived from the region restricted by the adiabatic criterion (LWC/LWC adi > 0.8) in the level part and from the in-cloud region as shown in Figure 2a (where mixing processes deplete the liquid water content and may reduce N or w as well). Table 2 shows this comparison and indicates that both the variation of w and N are not significantly modified by deviations from adiabaticity. Because of the larger number of data points, the observed w distribution, N max obs and N avg obs obtained from the entire in-cloud regions are used here.
[25] The dry aerosol particle size distributions for input to the model are obtained from just below cloud base. To illustrate, for cloud case 1, N a within the 400-m thick layer below cloud base vary less than 30% (Figure 3a ) and the fluctuations of the potential temperature are less than 1 K within this layer. This is regarded as a well-mixed layer for which the one Convair 580 filter measurement is representative (cf. Figure 3a) . Teflon filter samples collected on the Twin Otter and on the Convair 580 aircraft were analyzed by ion chromatography to give the mass concentrations of inorganic ions in the aerosol particles at altitudes of 400 and 250 m respectively. The sampling times were approximately 45 min to 1 hour (cf. the caption of Figure 3) . N a from the Twin Otter and the Convair 580 during the filter measurements are similar near the cloud base (the orange circle and the red square in Figure 3a) . The discrepancy between the 1-s data from the two aircraft (solid lines in Figure 3a ) and the filter data (the orange circle and the red square) at the same altitude is due to differences in time and location. The high N a above the cloud (around 1500 m) is the result of pollutants transported from the east coast of the U.S. [e.g., Li et al., 1998 ].
[26] Figure 3c shows the observed aerosol number size distribution averaged over the well-mixed layer below cloud base and the parameterized spectra used as input for the parcel model. The difference between N a 3025 and N a measured with the PCASP is used to obtain the total particle number concentration in the Aitken mode for the parcel Figure 2a . The PDF over the in-cloud region is fitted to a Gaussian distribution (red curve). Twenty-one vertical velocities are selected (red crosses) to simulate N with the parcel model. model (the single green asterisk in the smallest mode in Figure 3c ), which ranges from 0.003 to 0.07 mm in radius. The mode radius and the standard deviation in this mode are assumed to be 0.05 mm and 2, respectively [Abdul-Razzak and Ghan, 2000] (they are varied as discussed in section 4.2). The small accumulation mode falls in the range between 0.07 and 0.3 mm in radius, and the large accumulation mode fits the tail of the distribution with radii between 0.3 and 1.4 mm. The total number concentrations of aerosols in these two modes are taken from observations and the mode radii are obtained from lognormal fits to the measured spectra. Each mode is divided into 33 size bins for application in the parcel model.
[27] Note that the 1-s measurements from the two aircraft and the Convair 580 filter data show a similar shape of the small accumulation mode of the aerosol spectrum (Figure 3c ), which is most important for cloud droplet nucleation (as it will be shown in section 4.2). The discrepancy between the PCASP/ASASP measured number concentration and the number concentration obtained from the Convair 580 filter is consistent with the difference of the measurements of the total aerosol number concentration on the different aircraft as shown in Figure 3a . This is attributed to the 1-s and the filter measurements being averaged over different times and locations.
[28] The ratio of the soluble ion mass (NO 3 À , SO 4 2À , Cl À , NH 4 + , Na + and the sum of water soluble organic ions based on the Convair 580 filter record) to the total aerosol mass (which is obtained from the PCASP measurement assuming the density of dry aerosols to be 1.55 g cm À3 ) is calculated and shown in Figure 3b (the red square). The soluble mass fraction calculated on the basis of the Twin Otter filter measurement is shown as well (the orange circle). Generally soluble mass fractions obtained in RACE are between 0.4 and 0.6, comparable with those obtained during NARE (soluble ion mass as shown in Table 1 of ) taking into account the same soluble ions.
[29] Analysis of the samples from the filter measurements indicates that the water soluble salt composition of aerosol particles is dominated by NH 4 + and SO 4 2À , followed by Na + and Cl À in the ASASP size range. On the basis of the ion balance, it is assumed that the soluble salt in the Aitken mode and the small accumulation mode is NH 4 HSO 4 , and NaCl in the large accumulation mode for the modeling. It is likely that the insoluble part contains some organic or crustal materials. Filter measurements detected some organic aerosols during RACE. Considering other likely coexisting components, the density of the insoluble particles is assumed to be 2 g cm À3 in all three modes. This value is the median of possible density of insoluble materials. A sensitivity test in terms of this assumption is discussed in section 4.2.
[30] Following the same procedure as outlined for cloud case 1, two more cloud cases from flight 13 and two from flight 18 of RACE were analyzed. For all of these five cloud cases, the aerosol spectra at cloud base were approximated with a trimodal lognormal distribution. The parameters of aerosol number concentration, aerosol size distribution and vertical velocity were determined from the Twin Otter 1-s measurements. The aerosol soluble fraction and chemical compositions were based on the nearest filter measurements below cloud base.
NARE Data
[31] Six cloud cases were selected from the NARE study (cloud cases 6-11, one each from flights 14, 16, 34, 36, 44 and 46) on the basis of the availability of measurements for cloud profiles, aerosol properties and vertical velocities. The data were analyzed in the same way as described for the RACE data except that all data stem from the Twin Otter only.
[32] Because the Twin Otter filter measurements were taken generally above the cloud, data obtained from this filter measurement cannot be used to represent the chemical properties of aerosols at cloud base for the parcel model simulation as we did for RACE. For NARE, Liu et al. [1996] showed the relationship between cloud condensation nuclei, size distribution and particle chemistry based on aerosol chemical and physical measurements at the coastal site of Chebogue Point in the vicinity of the aircraft flights. Their results indicated that NH 4 + and non-sea-salt SO 4 2À ions are most strongly associated with N a of channels 2 -7 of the PCASP, while Na + and Cl À are primarily associated with N a of channels 9-15 of the PCASP. Therefore, as with RACE, the soluble parts of the Aitken mode and the small accumulation mode are assumed to be NH 4 HSO 4 and NaCl is the dominant soluble component of the large accumulation mode for NARE.
[33] The soluble mass fraction of these aerosols is obtained by grouping all NARE clouds into two regimes . Cloud cases 6, 7, 9 and 10 have relatively low non-sea-salt SO 4 2À concentrations and total particle mass, thus a soluble fraction of 0.52 is calculated on the basis of the data of soluble ions provided by Table 1 ] and the total aerosol particle mass calculated from the PCASP measurements. Cloud cases 8 and 11 are in the higher total particle mass regime, thus the calculated mass soluble fraction is 0.62 for these two cloud cases. The density of the insoluble part of aerosols is assumed to be 2 g cm À3 for all cloud cases during NARE as for RACE. In total, eleven cloud cases (five from RACE and six from NARE) are used for the comparison with the parcel model simulations.
Results
Sensitivity of N to Vertical Velocity
[34] To examine the sensitivity of simulated N to vertical velocity variations, the parcel model was run for each of the 11 cloud cases with two different scenarios. The first scenario uses the Gaussian distribution fitted to the w distribution over the in-cloud region. The parcel model is run for each 5% frequency of occurrence of w plus one point at a relative frequency of 0.01 (crosses in Figure 4 ) to obtain a corresponding N (i.e., N(w), diamonds in Figure 4 ). The N(w) for each w is weighted by the relative frequency of occurrence of w (p(w) in Figure 4 ) and integrated from a certain w 0 to obtain the N max pdf :
The w 0 is a threshold based on the following argument that only updraft velocities larger than some value (defined here as w 0 ) contribute to the nucleation of cloud droplets.
[35] Weighting the number concentration of the nucleated cloud droplets by the relative frequency of occurrence of w (i.e., p(w) in Figure 4 ) is a representation of the potential influence of all the measured positive vertical velocities in the cloud. If all velocities from zero upward were used, then there would be a distribution of N across the cloud that would have a larger number of smaller N values and fewer higher N values. In reality, N is more similar for smaller and higher updrafts and indeed across updrafts and downdrafts; although some direct association of N with stronger updrafts within a cloud is evident [e.g., Leaitch et al., 1996] . The vertical velocities in the types of clouds studied here change Figure 2a (where the influence of mixing process is included). N max obs is the 95th percentile of the observed N distribution. LWC adi is calculated depending on the temperature, pressure at each cloud height [Brenguier, 1991] as in the work by Peng et al. [2002] . The number of data points in the two data sets are listed in the 5th and the 9th columns. Average values over the 11 cloud cases are shown in the last row.
with altitude [Feingold and Kreidenweis, 2002] , and the value of w at the point of measurement of N is unlikely to be the same as the w at the point at which N was defined. The absence of a significant change in the mean N over the entire cloud compared with the near-adiabatic portion (Table 2) is consistent with this interpretation. The smallest updrafts are the result of changes in the stronger vertical motions. They are not the updrafts that penetrate from well below cloud base up into the cloud. Hence it is expected that there is some distribution of higher updrafts that specify N in the cloud. On this basis, w 0 is defined as the minimum value above which the application of the PDF of the w values leads to simulated N that are in agreement with the observed N. If N is calculated on the basis of the complete right half PDF (i.e., w 0 = 0, cf. Figure 4) , N max pdf is underestimated. The calculation of N based on equation (1) is named as the PDF scenario.
[36] The second scenario simulates N max std using a single vertical velocity, which is proportional to the standard deviation (STD, i.e., s w in Figure 4 ) of the w distribution over the in-cloud region (e.g., 2s w was taken to calculate the maximum N in the work by Lin and Leaitch [1997] ). Both the STD and PDF scenario represent the variation of in-cloud w in the nucleation process. In the STD scenario, the characteristic vertical velocity in this study, 0.8s w , is selected by minimizing the difference between N max std and observed maximum N (cf. Table 3 , the choice of the multiplier to get the characteristic w is further discussed in section 4.3).
[37] Leaitch et al. [1996] showed that the cloud average N (N avg ) is related to the maximum N (N max ) in order to account for factors that reduce the adiabatic N in clouds, including entrainment and precipitation scavenging. A similar relationship between N max and N avg based on the measurement of our eleven cloud cases is derived here:
The correlation coefficient of this fit is 0.88. Equation (2) is then used to derive N avg pdf and N avg std from N max pdf and N max std , respectively.
[38] The comparison of simulated and observed N are shown in Figure 5 (numerical values are listed in Table 4) . Figures 5a and 5b show N obtained from the parcel model in the PDF scenario (N max pdf and N avg pdf ). Figures 5c and 5d show N obtained from the parcel model simulation in the STD scenario (N max std and N avg std ) compared to the corresponding N from observations (N max obs and N avg obs respectively). The correlation coefficients (r 2 ) between results in the STD scenario and observations are comparable to the PDF scenario but slightly higher. The percentage differences given in the last row of Table 4 indicate that N simulated in the STD scenario agrees better with observed values for both maximum N and averaged N. The values of w 0 are discussed in section 4.3.
Sensitivity of N to Other Variables
[39] The nucleation process in clouds is controlled by the number concentration, size distribution and chemical composition of the aerosol particles, in addition to the updraft velocity. In this study, the maximum variations in total aerosol number concentration measured within the wellmixed aerosol layer at cloud base are less than 30% for all cloud cases obtained during RACE and NARE. The activation fraction in the Aitken mode is up to 10%. Thus only a few particles in the Aitken mode are activated in our simulations while most of aerosols are too small to reach a critical size [Pruppacher and Klett, 1997] . However, if the total number of aerosol particles in the two accumulation modes of the parcel model (which corresponds to N a measured with the PCASP) is varied by 30%, simulated N changes by almost the same factor. The activation fraction is more than 90% in the large accumulation mode but it only contributes to less than 1% of N in all cloud cases. About Figure 4 . N simulated in the PDF scenario for cloud case 1. The solid curve is the Gaussian distribution fitted to observed w over the in-cloud region (see Figure 2c) . Twenty points evenly spaced with the relative frequency number (p(w)) of w and one point at the relative frequency number of 0.01 are selected (crosses, right-hand side scale). The parcel model is run for each vertical velocity point to predict a corresponding N (N(w), diamonds, left-hand side scale). The starting point for the integral to obtain the simulated N in the PDF scenario is w 0 (cf. equation (1)); s w is one standard deviation of the vertical velocity distribution. The standard deviation of the w distribution in clouds is s w . The product of a constant (ranging from 0.4 to 2.2 with interval of 0.2) and s w is the characteristic vertical velocity applied in the STD scenario in the parcel model (we do not investigate characteristic vertical velocities smaller than 0.4s w because these updraft velocities are comparable to the measurement uncertainty (0.05 m s
À1
) and they are too small to efficiently activate aerosol particles). D max is the percentage difference between simulated maximum N and the observed maximum N. D avg is the percentage difference between simulated average N and observed average N.
60-90% of the particles in the small accumulation mode grow to form cloud droplets, and these dominate N obtained from the parcel model simulations.
[40] Different chemical components (NH 4 HSO 4 and NaCl in this study) are assumed to be internal mixtures in the three size modes of the parcel model. We also ran the parcel model assuming that NH 4 HSO 4 and NaCl are externally or internally mixed in the small accumulation mode (the main source of the nucleated cloud droplets) keeping the total number of aerosols fixed. The predicted N of these two cases differs by less than 7%, which indicates that the mixing state is not important when only NH 4 HSO 4 and NaCl are considered. Varying the mixing state in the Aitken mode and the large accumulation modes causes up to 3% difference in N because of the small activation fraction in the Aitken mode and relatively sparse number of aerosol particles in the large accumulation mode.
[41] Additionally, N is predicted assuming either NH 4 HSO 4 or (NH 4 ) 2 SO 4 as the only soluble salt for all three modes, since ammonium sulfate rather than ammonium bisulfate is assumed in many GCMs. The resulting N deviates from the ammonium bisulfate/sea salt mixture by less than 5% for either pure ammonium sulfate or pure ammonium bisulfate.
[42] The estimated soluble mass fractions of aerosol particles in this study are between 0.39 and 0.62 for all cases. These values are comparable with experimental results from a surface site in ACE-2 . Because of the lack of information on size distribution and chemical composition in the Aitken mode of the aerosol spectra (cf. Figure 3c) , the soluble fraction in this mode may be underestimated if we use values taken from the filter data. A sensitivity test in terms of the soluble fraction in the Aitken mode is conducted. By increasing the soluble fraction in this mode up to 0.90, the modelpredicted N can be increased by up to 5%. This is because the activation fraction in the first mode is low because of the small size of aerosol particles and the lower supersaturations in these clouds. Sensitivity to the soluble fraction in the two accumulation modes in the parcel model is ) is given for each panel. All horizontal error bars indicate ±25% of the measured N, which is the maximum uncertainty due to the instrumental error [Peng et al., 2002] . also tested. Increasing the soluble fraction to 0.90 (the highest value from the surface observation in the work by ) in the small and large accumulation modes, the model-predicted N increases up to 30%. Although we are more confident with the aircraft measurement of soluble fraction in the two accumulation modes in this study (because the filter measurements are most relevant to these particles) than in the Aitken mode, this 30% variation due to the change of the soluble fraction may substantially contribute to the uncertainty of the model-predicted N.
[43] A mode radius of 0.05 and standard deviation of 2 are assumed for the Aitken mode in the parcel model because of the lack of size distribution measurements in this size range. Some tests were conducted for sensitivity to the modal radii of this distribution (0.003 to 0.07 mm). It is assumed here that two chemical components dominate this mode: ammonium sulfate and carbonaceous aerosols. Soot (absorbing black carbon) aerosols are more likely present in relatively polluted maritime clouds in small size classes as reported by Hess et al. [1998] . For one test, it is assumed that the soot is insoluble and externally mixed. The mode radius and standard deviation of the soot distribution are varied between 0.012 and 0.03 mm and between 1.55 and 2.0 respectively [Köpke et al., 1997; Lohmann et al., 2004] . The mode radius and standard deviation of the distribution of Aitken-mode ammonium sulfate is varied between 0.02 and 0.07 and between 1.5 and 2.24 respectively [Köpke et al., 1997; Lohmann et al., 2004] . The parcel model is run for these combinations of mode radii and standard deviations keeping the same total aerosol number in the Aitken mode. The model simulated N changes by less than 1% on average; the activated fraction in this size mode is relatively small. Of the cases examined, the greatest fraction of Aitkenmode particles activated was 33% (particles >0.025 mm were activated; soot mode radius was 0.012 mm). The small sensitivity to changes in the Aitken mode lies in the fact that the particles in the Aitken distribution that do activate are the largest and constitute the upper tail of the distribution with the lowest number concentrations. Changes in mode radius and standard deviation do not modify the shape of the upper tail enough to result in significant changes in the number of activated Aitken particles.
[44] The insoluble material of aerosol particles can be carbonaceous or crustal components, or combinations of these. Their densities vary between 1 and 3 g cm À3 . For insoluble densities of 1 and 3 g cm À3 , the parcel model predicted the difference in N up to 1%.
[45] In this study, we run the parcel model with the water condensation coefficient of 1.0, which was examined by Leaitch et al. [1986] using the same parcel model. A sensitivity test with three other values of the condensation coefficient is conducted. Values of 0.81, the largest number tested by Snider et al. [2003] , 0.01, the lowest value suggested by Pruppacher and Klett [1997] and 0.1 as an intermediate value are applied in the parcel model. The resultant change in the predicted N can be up to 40% between the lowest and highest values. However, as shown by Davidovits et al. [2004] , for typical temperatures characterizing tropospheric clouds, the measured values for the condensation coefficient are larger than 0.1. The activation fraction of aerosols is not sensitive to a relatively large coefficient as indicated by Davidovits et al. [2004] as was confirmed by the results of the sensitivity test here for values of 1.0 and 0.81.
[46] To summarize, the largest uncertainties of the modelpredicted N possibly stem from the measured soluble fraction of the accumulation mode aerosols and the water condensation coefficient assigned in the parcel model.
Discussions
[47] In the PDF scenario, we obtain simulated N max pdf by counting the nucleated N only with vertical velocities higher than w 0 . The value of w 0 is determined by comparing observed and simulated N in the PDF scenario, which appears to be as the relative frequency number of 90% (cf. Figure 4) . The average value of w 0 over 11 cloud cases is 0.11 ± 0.04 m s À1 .
[48] Because w 0 is determined by comparing observed and simulated N, the uncertainty of the measured N (up to ±25% [Peng et al., 2002] ) contributes to the uncertainty of w 0 . In the two field experiments analyzed in this study, the data resolution is about 50 m in the horizontal. These measurements averaged within 50-m flight segments tend to smooth out contributions of small-scale updraft velocity fluctuations to the number concentration of nucleated cloud droplets. This suggests that the parameter w 0 may also depend on the spatial resolution of observations on w.
[49] On the basis of the Gaussian distribution, w 0 can be related to s w (cf. Figure 4) :
We show this relationship because s w can be derived easily either from observational data or from parameterizations in the GCM. w 0 is an artificial parameter to be used to obtain the nucleated N in terms of the PDF of w distribution. In this study, it is selected on the basis of the comparison between simulated and observed N. Thus it depends not only on the dynamics but also on the aerosol microphysics since N is determined by both turbulence in clouds and aerosol properties at cloud base. Figure 6 shows the dependence of observed maximum N on the measured vertical velocity and the aerosol number concentration. N max obs is mainly controlled by the number of accumulation mode aerosols measured using the PCASP, which counts particles with radii >0.07 mm. The correlation coefficient between N max obs and the PCASP-measured N a is 0.71. N max obs is less dependent on the vertical velocity in clouds, which is represented by the standard deviation of the w distribution over the in-cloud region (the correlation coefficient between N max obs and s w is 0.35).
[50] Leaitch et al. [1996] showed that s w is a more important controlling factor for N than the aerosol number concentration based on data taken from 14 flights during NARE (including the 6 cloud cases from NARE analyzed in this study). On the contrary the present results emphasize the dominant influence of the aerosol number concentration instead of s w . This may be due to the limited number of available cloud cases with detailed aerosol information from NARE as needed for this study. The NARE flights that are analyzed here do not exhibit the same variability of w as the total number of flights that was analyzed by Leaitch et al. [1996] (w ranges from 0.08 to 0.22 m s À1 for the six NARE cases in this study (cf .  Table 4 ) whereas in the work by Leaitch et al. [1996] , w varies between 0.05 and 0.8 m s À1 for 14 flights during NARE).
[51] To analyze to what degree observed N is related to s w in this study, we divided our 11 cloud cases into clean and polluted regimes based on observed N a with the PCASP (i.e., the two clouds with N a < 300 cm À3 are clean, the other nine clouds are polluted; cf. Figure 6 ) and investigate the relationship again. In the polluted clouds with a relatively small variability of N a , the correlation coefficient is increased to 0.45 between N max obs and s w , indicating both s w and PCASP-measured N a are contributing factors in the nucleation process although their relative importance may differ in different studies because of the different variabilities of measured N a and s w . Because w 0 is obtained in this study by comparing the difference between N max obs and N max pdf , both s w and N a determine the value of N max obs as shown in Figure 6 . Therefore, besides the relationship obtained between w 0 and s w (equation (3)), w 0 is potentially influenced by the aerosol properties, at least N a as well.
[52] The uncertainty of observed N due to the influence of aerosol properties and the updraft velocity contributes to the uncertainty of w 0 , because w 0 is determined by comparing observed and simulated N in the PDF scenario. Considering the bias of 25% in the measured N [Peng et al., 2002] as analyzed above, the uncertainty of w 0 is ±0.2s w (i.e., ±0.04 m s À1 ), the consequent contribution to the uncertainty in N simulated in the PDF scenario is up to ±11% (as shown in Figure 5a ).
[53] In the STD scenario, a value for w equal to 0.8 times the standard deviation of the w distribution (s w ) is the characteristic vertical velocity that results in the best agreement between simulated and observed N (see Table 3 ). Taking the uncertainty of the measured N (±25%) into account, the characteristic w giving the best agreement between simulated and observed N is (0.8 ± 0.2)s w .
Conclusions
[54] Reasonable agreement between the simulated and observed N for 11 marine stratus cloud cases observed during RACE and NARE is found using a value of 0.8s w as a surrogate for the variation of vertical velocities in the clouds studied here. Little improvement can be expected if the PDF of the vertical velocity distribution replaces one characteristic w on the cloud scale for predicting N more accurately. The uncertainty of the predicted N due to the assumptions made for running the parcel model amount to up to 40% (section 4.2). The two biggest contributors to these uncertainties are related to assumptions on the soluble aerosol fraction and the condensation coefficient in the parcel model, but not the vertical velocity. The two representations for the variation of in-cloud vertical velocities (PDF and STD scenario) do not amplify or attenuate these aerosol related uncertainties individually. Thus the conclusion of the representation of the vertical velocity variations in this study is not significantly influenced by these aerosol related uncertainties.
[55] Comparing two different representations of the variation of in-cloud w (the PDF scenario and the STD scenario in this study), for the PDF scenario, the variation of w in the activation process is parameterized more realistically (including the introduction of a parameter w 0 to account for the inefficiency of small updraft velocities in the nucleation process). However, the relative difference and the correlation coefficient of the simulated and observed N (cf. Figure 5 and Table 4 ) are such that the result in the STD scenario is as good as in the PDF scenario. Thus it is concluded that one single characteristic vertical velocity (proportional to the standard deviation of the w distribution in clouds) is a good surrogate for the vertical velocity fluctuation for the nucleation process in the clouds studies here. The exact value of this characteristic vertical velocity may depend on the aerosol properties and dynamic factors for clouds in different regions, as well as on the accuracy with which N can be measured.
[56] s w indicates the width of the observed PDF of w that is a measure of the level of turbulence in clouds. The subgrid-scale variation of vertical velocities used in the GCM to calculate N is related to the in-cloud turbulence, thus it should be proportional to the standard deviation of the PDF of w in the cloudy part of the grid box, which is so far parameterized in terms of the turbulent kinetic energy (TKE) [e.g., Lohmann et al., 1999] . Even when the N parameterization is integrated over the PDF of w to take the subgridscale w variation into account, the PDF is constructed on the basis of the grid mean vertical velocity and the standard deviation obtained from TKE or the vertical diffusivity [e.g., Ghan et al., 1997] . Golaz et al. [2002] investigated simulation results from a PDF-based single column model and pointed out that the PDF of vertical velocities becomes important for convective clouds for predicting cloud properties. Additionally, Menon et al. [2003] compared different activation parameterization schemes applied in different single column models and showed that the vertical velocities, LWC, cloud geometry (cloud thickness) and the precipitation formation in the climate model need to be resolved on a subgrid-scale to predict N more accurately. Therefore more studies in terms of different cloud types are necessary to verify the representation of subgrid-scale vertical velocity fluctuations together with other microphysical quantities in climate models.
[57] The subgrid-scale variability of the vertical velocity is important not only for the parameterization of N, but also for radiative properties of clouds such as the cloud optical depth, cloud albedo and the effective radius [Feingold and Heymsfield, 1992; Menon et al., 2003] . The indirect effect of aerosols in stratocumulus clouds may strongly be related to vertical velocity variations [Feingold et al., 2003] . It is also of importance for cirrus clouds, and is not negligible when the indirect aerosol effect of ice clouds is evaluated [Kärcher and Ström, 2003 ]. Thus it is important to collect more cloud data with different aerosol sources in order to further test the sensitivity of N to vertical velocity variations and its role in the model estimate of the indirect aerosol effect. To better characterize the fluctuation of vertical velocity in clouds, high-frequency measurements of vertical motions, together with measurements of microphysical and radiative quantities in the turbulent area in clouds, are needed.
